Laboratory experiments with rock samples show that transient creep, at which strain grows with time and strain rate decrease at constant stress, occurs while creep strains are sufficiently small. The transient creep at high temperatures is described by the Andrade rheological model. Since plate tectonics allows only small deformations in lithospheric plates, creep of the lithosphere plates is transient whereas steady-state creep, described by non-Newtonian power-law rheological model, takes place in the underlying mantle. At the transient creep, the effective viscosity, found in the study of postglacial flows, differs significantly from the effective viscosity, which characterizes convective flow, since timescales of these flows are very different. Besides, the transient creep changes the elastic crust thickness estimated within the power-law rheology of the lithosphere. Two problems of convective stability for the lithosphere with the Andrade rheology are solved. The solution of the first problem shows that the state, in which large-scale convective flow in the mantle occurs under lithospheric plates, is unstable and must bifurcate into another more stable state at which the lithospheric plates become mobile and plunge into the mantle at subduction zones. If the lithosphere had the power-law fluid rheology, the effective viscosity of the stagnant lithospheric plates would be extremely high and the state, in which large-scale convection occurs under the stagnant plates, would be stable that contradicts plate tectonics. The mantle convection forms mobile lithospheric plates if the effective viscosity of the plate is not too much higher than the effective viscosity of the underlying mantle. The Andrade rheology lowers the plate effective viscosity corresponding to the power-law fluid rheology and, thus, leads to instability of the state in which the plates are stagnant. The solution of the second stability problem shows that the state, in which the lithospheric plate moves as a whole with constant velocity, is stable but smallamplitude oscillations are imposed on this motion in regions of thickened lithosphere beneath continental cratons (subcratonic roots) where the thickness of the lithosphere is about 200 km. These oscillations create small-scale convective cells (the horizontal dimensions of the cells are of the order of the subcratonic lithosphere thickness). Direction of motion within the cells periodically changes (the period of oscillations is of the order of 10 8 yr). The small-amplitude convective oscillations cause small strains and do not destroy the thickening of the lithosphere beneath cratons. Thus, the transient creep of the lithosphere explains not only mobility of the lithospheric plates but longevity of subcratonic roots as well.
Numerical experiments, in which the mantle convection is simulated within the framework of the power-law rheological model, show that the strong dependence of the effective viscosity on temperature excludes the convective motion of the lithosphere (Christensen 1985; Solomatov 1995) . Cold and, therefore, very viscous lithosphere behaves as a stagnant lid and does not sink into the mantle, that is, there is no subduction required by plate tectonics. The upper cold boundary layer (lithosphere), formed by mantle convection, can sink into the mantle only if its effective viscosity is not too large. To reduce the effective viscosity of the lithosphere, Moresi & Solomatov (1998) assume that the entire lithosphere has a pseudo-plastic (brittle) rheology with a low coefficient of friction typical for the wet oceanic lithosphere. However, the effective viscosity corresponding to pseudo-plastic rheology increases rapidly with increasing pressure, so when considering the continental lithosphere, where the friction coefficient is much higher, pseudo-plasticity should be considered only in the upper continental crust (see the sixth section of this paper). Laboratory experiments with rock samples show that creep is transient while strains are small (not more than 1 per cent). During the transient creep, strain grows with time and strain rate decreases at constant stress. Since plate tectonics allows only small deformations in the lithospheric plates, the creep of lithospheric plates can be assumed to be transient that distinguishes the rheology of the lithosphere from the underlying mantle rheology. Geodynamical consequences of this assumption such as mobility of the lithospheric plates and longevity of subcratonic lithosphere (roots of cratons) are considered in this paper.
T R A N S I E N T C R E E P O F RO C K
Until recently, a Newtonian fluid was used to model slow flows in the mantle. In this model, which describes diffusion creep, the deviatoric stress tensor is related to the deviatoric strain rate tensor by the linear law
The diffusion viscosity η of polycrystalline material depends on temperature, pressure and grain size.
Nowadays, the non-Newtonian power-law fluid is usually assumed to model slow flows in the mantle. This model adequately describes a steady-state dislocation creep, which is observed in laboratory studies carried out at constant stresses and at temperatures approximating mantle conditions. The effective viscosity of the power-law model depends not only on temperature and pressure but also on the deviatoric stress. Rheology is determined by micromechanism, which gives the minimal effective viscosity. For example, the estimates of Karato & Wu (1993) show that the power-law dislocations creep dominates the upper mantle whereas the lower mantle is rather dominated by the diffusion creep.
To investigate geodynamical processes we must have a rheological model for the mantle, which is valid when stresses change with time. The power-law fluid is not such a model. Besides, the powerlaw model does not take into account the transient creep observed in laboratory studies at small strains.
A typical experimental creep curve, which gives the dependence of creep strain on time at a constant stress applied at the initial moment, can be divided into three stages (the first two stages are shown in Fig. 1 ). At the first stage (transient creep), strain rate decreases (strain hardening). At the second stage (steady-state creep), strain rate is constant. At the third stage, strain rate increases (strain softening) that associates with formation and growth of microcracks leading to destruction of the test rock sample. Laboratory studies In the case of simple extension usually used in laboratory tests, ε = √ 2ε 11 /2, where ε 11 is the only non-zero strain component. Since ε is the creep strain, a constant elastic strain, which appears when a constant stress σ is applied to specimen at the moment t = 0, is not shown in the figure. The transition to the steady-state creep occurs at ε = ε tr and does not depend on the stress at which the experiment is carried out.
show that the transition to the steady-state creep occurs at a certain value of strain (of the order of 1 per cent) and does not depend on the stress at which the experiment is carried out. The lower the applied constant stress, the longer the transient creep stage. Laboratory tests, in which the steady-state creep of rocks is investigated, carried out at applied deviatoric stresses which far exceed deviatoric stresses of 10 MPa associated with thermal convection in the Earth. In the experiments carried out at such low deviatoric stresses, only transient creep can be observed because the transition to steady-state creep occurs on geological timescale unattainable in the laboratory tests.
The experiments also found that the transient creep strain is linearly depended on the applied stress
where f (t) is a creep function, and t is time. For mantle rocks at high temperatures, the creep function is well described by the Andrade law
where A is the Andrade rheological parameter, and the typical value of exponent is m = 1/3. The Andrade law for transient creep has repeatedly confirmed in tests carried out at temperatures typical for the mantle (Murrell 1976; Berckhemer et al. 1979) . As follows from (2) and (3), the transient creep strain rate decreases with time as t m−1 and the effective viscosity increases as t 1−m . In laboratory experiments carried out at high deviatoric stresses, the stage of transient creep is very short and, therefore, the effective viscosity changes small and does not differ much from the constant effective viscosity at the stage of steady-state creep. In the lithospheric plates, deformations are very small throughout the entire history and, therefore, creep is transient at geological timescale. If m = 1/3, the transient creep effective viscosity at the time of 10 8 yr is about three orders of magnitude greater than the transient creep effective viscosity at the time of 10 3 yr. Because the Andrade law exponent is less than unity, this law gives infinite strain rate and zero effective viscosity at the moment of stress application that of course is not observed in tests. That is why Jeffreys (1958) suggested using of the modified Lomnits law instead of Andrade law. However, even at very short times (fractions of a second) after the stress application, the laws of Jeffreys and Andrade are indistinguishable (Berckhemer et al. 1979) .
At the steady-state creep, the constant strain rate depends nonlinearly on the applied stresṡ
where σ andε are the second invariants of deviatoric tensors of stress and strain rate, B is the rheological parameter which characterizes the steady-state creep and the typical value of exponent is n = 3. To generalize the results of creep tests at constant stress for stresses changing with time the Boltzmann linear theory can be used. This theory, valid for the case of sufficiently small strains, leads to the integral relation
where
is the integral kernel of creep, which is determined by the creep function.
As follows from eq. (3), the creep kernel corresponding to the Andrade law is given by
The rheological model of Andrade is defined by eqs (5) and (6). This model generalizes the Andrade law for the case of variable stresses. Eqs (5) and (6), which define the Andrade model, can be rewritten as
where R is the relaxation kernel
and (m) is the gamma function. The numerical factor in eq. (9) is evaluated as (m) (1 − m) ≈ 4.5 for the typical value m = 1/3. In the linear stability analysis, the time dependence of the velocity and other physical variables is given in the form exp( t), where is a complex increment. Then it follows from (5) and (6) that the Andrade model leads to the complex effective viscosity which depends on the increment
The singularity of the Andrade creep kernel (6) at t = 0 leads to zero effective viscosity for large values of the increment as it follows from (9). Thus, the Andrade rheology cannot explain an attenuation of high-frequency oscillations (the frequency ω is the imaginary part of increment ).
N O N -L I N E A R I N T E G R A L M O D E L O F C R E E P
To generalize the rheological relation (4), describing steady-state creep, for the case of time-dependent stresses is much more difficult because the rheology of rocks under variable stresses and large strains has not been investigated experimentally. The simplest generalization is the assumption that eq. (4) holds for time-dependent stresses as well. The model described by eq. (4) at any depending of stress on time is called the power-law non-Newtonian fluid model. This model is commonly used in the study of thermal convection in the mantle but in the case of non-stationary convection its applicability is questionable. The power-law model is in good agreement with experiments at constant stress but this does not imply that this model is applicable under variable stress. In the power-law fluid as in the Newtonian model (1), the current stress is determined by the current strain rate, that is, by strains that exist in an infinitely short period of time before the current moment. In the real material, the current stress depends on the entire history of strains. In other words, the real material has a memory in contrast to the power-law fluid. Rheological models with memory are used in mechanics. The theory of simple fluid with fading memory is a fundamental rheological theory in modern continuum mechanics (Astarita & Marrucci 1974) . Fading memory means that the current stress depends on the recent strains much stronger than on the strains that existed in the distant past. In the case of small strains, the simple fluid with fading memory is described by the linear integral rheological eq. (7). For the Andrade model, the relaxation kernel is given by eq. (8), and small strains are defined by the condition ε < ε tr .
Birger (1998) proposed a new non-linear integral (having a memory) model for high-temperature dislocation creep of rocks. This model is consistent with the theory of simple fluids with fading memory and is determined by the equation
ε = (ε kl ε kl /2) 1/2 is the second invariant of deviatoric strain tensor, and R(s) is defined by (9). Thus, eq. (10) generalizes eq. (8), corresponding to the Andrade model, for the case of large strains measured from the state at the time of observation. At this moment (s = 0), the strain ε i j (t) is zero by definition. As follows from eqs (10) and (11), the memory is cut-off when the second invariant of strain tensor exceeds the transition value ε tr , which can be determined in experiments carried out at constant stress. The non-linear integral model (10) reduces to the linear Andrade model (8) for flows associated with small strains. At stationary flows, causing large strains, the model is reduced, as shown in Birger (1998) , to the model of power-law fluid with rheological parameters B and n whose values are determined by the rheological parameters A, m and ε tr in eqs (10) and (11). If m = 1/3 in the Andrade law, the relations are
The transition value of strain is estimated as ε tr ≈ 10 −3 ÷ 10 −2 . Note that experimental measurements of the rheological parameters have large uncertainties (Korenaga & Karato 2008) . Therefore, the used numerical values of these parameters are only rough estimates of order of magnitude.
The most important characteristic of the model is the depth of memory (the ratio of the transition strain ε tr , fixed in the rheological model, to the strain rate caused by considered flow). Strains existing before the moment, determined by the depth of memory, do not affect the stress at the time of observation. The non-linear integral rheological model (10) reduces to the power-law model for flows in which the characteristic period τ of velocity variation is much greater than the depth of memory
Such flows are called quasi-stationary. Emphasize that condition (13) permits to replace the non-linear integral model (10) by the power-law fluid model when considering non-stationary flow, velocity of which varies with time, since such a flow behaves as stationary over the depth of memory. If the strain rate is high, the memory depth is small, and even flows with rapidly changing velocities can be regarded as quasi-stationary. For flows, causing small strains and superimposed on a basic stationary or quasi-steady flow, the non-linear rheological model (10) reduces to the linear integral Andrade model if τ t M , where τ characterizes the superimposed flow and t M is determined by the basic flow.
The universal rheological model constructed in Birger (2007) is a series connection of three rheological elements that describe hightemperature dislocation creep (here, the term 'high-temperature creep' means creep at a temperature sufficiently close to the melting point temperature), low-temperature dislocation creep described by the Lomnits rheology and diffusion creep. As mentioned earlier, the diffusion creep can be ignored in the upper mantle and lithosphere: the contribution of this rheological mechanism to deformation is negligible here. In the case of Lomnits rheology, the function of creep is written as
where q L and a L are rheological parameters. The Lomnits rheology is associated with dislocation glide which weakly depends on the homologous temperature T hom (the temperature of a material as a fraction of its pressure-dependent melting point temperature) and, hence, the Lomnits rheological parameter q L does not depend on T hom whereas the Andrade rheology is associated not only with dislocation glide but also with dislocation climb which strongly depends on T hom and leads to strong dependence of the Andrade parameter on the homologous temperature. The creep function can be written as the sum of functions given by the Andrade law (3) and the Lomnits law (10). Such representation, used by Murrell (1976) and by many other authors, shows that the transient creep is described by the Lomnits law at small times and by the Andrade law at large times. If the creep test carried out at high temperature, the Andrade rheological parameter is small and the initial Lomnits stage is very short. At low temperature, the Andrade parameter is large and the Lomnits stage is long. The contribution of low-temperature dislocation creep described by the Lomnits rheology should be considered only in the study of fast processes such as attenuation of seismic waves (Birger 2007) . The Andrade rheology also applies in the study of the attenuation of seismic waves (Berckhemer et al. 1979) . The mechanisms of seismic waves attenuation associated with the Andrade rheology and the Lomnits rheology compete with each other (Birger 2007 ). The attenuation is determined by the mechanism that gives greater attenuation. In the asthenosphere, where the homologous temperature is high and the value of the Andrade rheological parameter is reduced, the Andrade rheology determines the attenuation. In the other layers of the Earth, the attenuation is determined by the Lomnits rheology, which gives a small attenuation independent of wave frequency.
The strain rate at stationary convection in the mantle is estimated as 10 −15 s −1 (Turcotte & Schubert 1982) . This estimate corresponds to the memory depth of about 5 × 10 4 yr. Numerical experiments conducted in the framework of the power-law fluid model show that mantle convection, forming a cold upper boundary layer (lithosphere), is non-stationary. In the mantle underlying the lithosphere, a typical strain rate, associated with non-stationary convection, an order of magnitude higher than in the case of stationary convection. The duration of velocity fluctuations determining the time dependence of mantle convection is 10 7 ÷ 10 8 yr that greatly exceeds the depth of memory, which is estimated as 5 × 10 3 yr at the strain rate of the order of 10 −14 s −1 . Thus, within the framework of non-linear integral rheological model, non-stationary convective flow in the mantle beneath the lithosphere is quasi-stationary and, indeed, can be adequately described by the power-law fluid model. At strongly non-stationary (turbulent) convection in the mantle, in which the characteristic strain rate is about 10 −14 s −1 , the large-scale postglacial flow, having a duration of the order of 10 4 yr, satisfies the condition (13) and, therefore, can be described by the power-law model as well as the convective flow.
Since deformations are small in the lithospheric plates (strains are large in some regions of the lithosphere but these regions can be regarded as boundaries between lithospheric plates), the transient creep, described by the linear Andrade model, takes place in the lithospheric plates. Thus, the rheology of the lithosphere is essentially different from the underlying mantle rheology that is due to the difference in the levels of strain. It should be noted that the lithospheric plates where strains are small rather than the boundaries between plates are considered in this paper. These boundaries represent shear zones characterized by large strains. The Andrade rheological model of the lithosphere applied in this paper cannot properly describe flows occurring at the boundaries between the plates (subduction zones and transform faults). At these boundaries, large creep strains lead to a strong strain softening caused by localization of deformation, microfractures and other factors.
P O S T G L A C I A L F L O W S A N D E F F E C T I V E V I S C O S I T Y O F T H E L I T H O S P H E R E
Within the framework of non-linear integral rheological model used in this paper, the rheology of the lithosphere where strains are small is reduced to the Andrade rheology. The lithosphere strains induced by postglacial flows are small due to short duration of these flows whereas strains caused by large-scale convective flow in the lithosphere are small due to very low strain rates.
The duration of postglacial flow is characterized by the recovery time τ determined by the known relation
where η is the average Newtonian viscosity under the elastic crust, ρ is the density, g is the acceleration of gravity and the wavenumber k is determined by the horizontal size of glacier L. The effective viscosity of the upper crust is so large that creep can be neglected (creep strains are small compared with elastic strains). In eq. (15), the flexural rigidity N of the elastic crust modelled as a thin elastic plate is defined as
where E is the Young's modulus, ν is the Poisson's ratio, μ is the shear modulus, K is the bulk modulus, and δ is the thickness of the elastic crust. The flow of material caused by the removal of ice load occurs in the upper layer of the Earth, the depth of which does not exceed the horizontal dimensions of the load. Studies of smallscale postglacial flows lead to the value of the flexural rigidity N ≈ 10 23 N · m (Cathles 1975 ). With such a flexural rigidity, it follows from eq. (16) that the postglacial flows are associated with δ ≈ 25 km since the shear modulus is estimated as μ ≈ 7 × 10 10 Pa. Using the estimates τ ≈ 10 3 yr ≈ 3 × 10 10 s, L ≈ 3 × 10 5 m, which are valid for small-scale glaciations, we find from eq. (15) the average viscosity of the lithosphere beneath the elastic crust: η ≈ 4 × 10 19 Pa s. Since the model of viscous Newtonian fluid does not describe the rheology of the lithosphere, this viscosity should be considered as effective. As it follows from eqs (1)-(3), the effective viscosity of the medium with Andrade rheology is
where τ is the characteristic duration of the process (the duration of postglacial flow is determined by the recovery time). Putting η A = η ≈ 4 × 10 19 Pa s and τ ≈ 3 × 10 10 s in eq. (17), we obtain the Andrade rheological parameter A ≈ 10 12 Pa s 1/3 for the layer underlying elastic crust.
As follows from eqs (1) and (4), the effective viscosity of powerlaw fluid is given by
The relation (18) can be rewritten as
The eq. (18) is useful when the stress σ is uniform over depth but in the case of uniform strain rate it is more convenient to write the effective viscosity in the form (19). The dependence of the rheological parameter B on temperature can be written as
RT ,
where H * ( p), E * and V * are the enthalpy, the energy and the volume of activation, R is the gas constant. In the lithosphere, the pressure p is small and, therefore, H
Comparison of eqs (18) and (19) shows that in the case of uniform strain rate the dependence of the effective viscosity on temperature and, hence, on depth is much weaker than in the case of uniform stress. As it follows from eqs (12) and (20), the Andrade rheological parameter depends on temperature as
where the parameter A ∞ is associated with the parameter B ∞ by eq. (12). Thus, the Andrade parameter A depends on temperature (and depth) much weaker than the rheological parameter B. The effective viscosity (17) of the Andrade medium depends on temperature (and depth) in the same way as the effective viscosity of power-law fluid at the uniform strain rate. Eq. (17) is valid only for constant stress. In contrast to the power-law fluid, which has no memory, the effective viscosity of the Andrade medium depends on the history of strains. For example, it follows from eq. (8) that in the case of constant strain rate the Andrade medium is characterized by the effective viscosity η A = Aτ 2/3 . However, in contrast to the non-linear rheological model of power-law fluid, the depth distribution of the effective viscosity in the linear Andrade medium is determined by the dependence (21) of the rheological parameter A on temperature only and does not depend on stress or strain rate.
In the mantle beneath the lithosphere, deformations are great and convective flow is described by the power-law rheological model. Within the power-law model, the effective viscosity corresponding to convective flow is only three times higher than the effective viscosity demonstrated by postglacial flow (Turcotte & Schubert 1982) .
Since the temperature under the boundary layer (lithosphere) is almost unchanged with depth at intensive convection, a slight increase of the effective viscosity with depth is determined by increasing pressure. Convective flow in the mantle beneath the lithosphere is associated with the effective viscosity of about 10 21 Pa s that agrees well with the value of mantle viscosity found from the study of large-scale postglacial flows (Cathles 1975) .
T H E D E P E N D E N C E O F E L A S T I C C RU S T T H I C K N E S S O N D U R AT I O N O F C O N S I D E R E D P RO C E S S
Series connection of rheological element describing hightemperature dislocation creep and elastic element leads to a rheological model of Maxwell type. This model differs from the classic Maxwell model since the creep element is described by the non-Newtonian rheological law (10), which reduces to the Andrade model (8) in the lithosphere where strains are small. The Maxwell viscoelastic medium behaves like a purely viscous (elastic deformations are negligible) if the timescale τ of the process is much longer than the Maxwell time, which is defined as the ratio of viscosity to the elastic shear modulus μ τ η μ.
Substituting the effective viscosity of the Andrade medium (17) into eq. (22), we arrive at the condition which permits to neglect the elasticity in a sublayer of the lithosphere located at a depth z
In the case where
the sublayer located at a depth z behaves as purely elastic. For a more complete description of the lithosphere rheology, elastic, creeping (viscous) and brittle (pseudo-plastic) elements must be connected in series. Such a connection means that the strain rate of medium is the sum of the strain rates of rheological elements, and the stresses in all elements are the same. When the elements are connected in series, the effective viscosity of medium is associated with the effective viscosity of each of elements by the relation
As it follows from eq. (25), if the effective viscosities of one of rheological elements is much less than the effective viscosities of the other elements, this element with low effective viscosity determines the rheology of medium. In the case of transient creep, the effective viscosity of creeping element is defined by eq. (17) and the criterion (23) follows from the condition: η cr η el where η cr = η A . The effective viscosities of elastic and brittle elements are
where c f is the coefficient of friction which is estimated as 0.8 for the dry continental lithosphere, and p = ρgz is the pressure at depth z. In the continental lithosphere, the friction coefficient is much higher than in the wet oceanic lithosphere. This, apparently, is one of the main reasons hindering the subduction of continental lithosphere (Lenardic & Moresi 1999) . Eq. (27) is valid when the stress in the lithosphere is significantly lower than the pressure p.
This condition is satisfied throughout the depth of the lithosphere, except for the top sublayer of the crust where the pressure is low. The brittle element, included in the series of rheological elements, does not allow stress to exceed the limit 2c f ·ρgz (yield strength). If the stress is below this limit, the medium behaves like a viscoelastic one. Therefore, the brittleness (pseudo-plasticity) of the medium is excluded from consideration if the stress 2η cr ε/τ , where ε/τ is a characteristic strain rate in the creeping element, is below the yield strength. In the medium with transient creep, the effective viscosity of which is defined by eq. (17), pseudo-plasticity does not occur under the condition
The typical strain in the lithospheric plate can be estimated as ε ≈ 10 −3 . Substituting into eq. (28) the values of ε, ρ, g and c f , rewrite this criterion as
The crust is different in mineralogical composition from the mantle lithosphere, therefore, these layers are characterized by different values of parameters E * , A ∞ and B ∞ . Burov & Diament (1995) , adopting the power-law rheological model of the lithosphere, used data on the distribution of temperature in the continental lithosphere and laboratory evaluation of the rheological parameter B for the minerals of the crust and mantle lithosphere. They found the depth distribution of parameter B in the lithosphere and estimate the thickness of the elastic layer of continental crust at strain rates lying in the range: 10 −17 -10 −13 s −1 . These strain rates correspond to isostatic recovery flows and, in particular, postglacial flows. However, since the characteristic times for these flows are small, the strains associated with these flows are small as well. Therefore, the isostatic flows are associated with transient creep, which cannot be described by the power-law rheological model. As follows from the criterion (22), the lithosphere, which has the effective viscosity η changing with depth and the shear modulus μ, can behave like viscous layer at slow processes (characteristic time τ is large) and like elastic layer at fast processes (τ is small). Thus, the thickness of the upper elastic layer of the lithosphere (elastic crust) varies depending on the duration of considered process. This effect occurs at the Andrade rheology as well but the quantitative description of this effect is different from that which gives the power-law rheological model. Application of the Andrade rheological model leads to the effective viscosity (17) depending on the duration of process. Since the effective viscosity depends on time not too strong (as τ 2/3 ), the thickness of the elastic crust decreases in slow processes in qualitative agreement with the case of power-law rheological model. However, the effective viscosity of power-law rheological model does not depend on time, and the thickness of the elastic crust is reduced in slow process much stronger than in the Andrade model.
Using the depth distribution of the parameter B in the lithosphere, obtained in Burov & Diament (1995) , and eq. (12), which gives the relation of rheological parameters of steady state and transient creep, we obtain the depth distribution of Andrade rheological parameter. In the continental crust, the characteristic thickness of which is about 35 km, the Andrade parameter decreases with depth from 10 16 to 10 11 Pa s 1/3 . In the mantle lithosphere (thickness is about 200 km), the Andrade parameter decreases from 10 14 Pa s 1/3 at the crust-mantle boundary to 10 11 Pa s 1/3 at the lower boundary of the lithosphere. The criteria (23) and (29) . These estimates of the Andrade parameter show that at the smallscale isostatic recovery flows the lithosphere behaves as a medium with transient creep along the entire depth, except for the elastic upper crust and the brittle uppermost sublayer of the crust. In these layers, the pressure is small, and their brittleness is described by the law of Byerlee (1968) rather than by eq. (27). For convective flow in the lithosphere, the thickness of brittle-elastic layer of the upper crust is significantly reduced.
Substituting eq. (12) into (17), we can express the effective viscosity of Andrade medium through the rheological parameter B characterizing the steady-state creep
The effective viscosity of Andrade medium depends on the duration τ of process but does not depend on the strain rate. The effective viscosity of medium with power-law rheology, in contrast, does not depend on the duration of process but depends on the strain rate.
Comparison of eqs (30) and (19) shows that the effective viscosity of Andrade medium is equal to the effective viscosity of powerlaw medium when τ ≈ 4 × 10 −2 ε tr . Hence, the effective viscosity of Andrade medium at times of the order of 10 3 ÷ 10 4 yr, which correspond to the isostatic recovery flows, is equal to the effective viscosity of power-law medium with strain rates of the order of 10 −15 ÷ 10 −14 s −1 . At times of the order of 10 8 yr, these viscosities are equal at the strain rates of the order of 10 −19 s −1 . The estimates of the thickness of the elastic layers of the lithosphere, one of which is located in the upper crust, and the second at the boundary of the crust and mantle lithosphere, obtained in study of Burov & Diament (1995) for the isostatic recovery movements, do not change when the power-law rheology is replaced by the Andrade rheology. However, at the convective flow (τ ≈ 3 × 10 8 yr), the upper elastic layer of the crust is much thinner, and the layer under the crust-mantle boundary does not exhibit elasticity in the case of Andrade rheology.
The distribution of Andrade parameter in the continental crust can be written as
where A 0 ≈ 10 16 Pa s 1/3 , H ≈ 6 km. Substituting eq. (31) into (24), we estimate the thickness δ of the elastic crust as
At times of the order of 1000 yr, eq. (32) gives the thickness of the elastic crust about 25 km that corresponds to the estimate obtained above by the postglacial data. For more slow processes characterized by high values of τ , eq. (32) gives a thinner elastic crust. At the convective flow in the lithosphere(τ ≈ 3 × 10 8 yr), the thickness of the elastic crust is not more than 7 km. Thus, the lithosphere defined as a cold boundary layer formed by thermal convection in the mantle is much thicker than its upper elastic layer (elastic crust). The convective lithosphere, defined in such a way, includes not only the elastic crust but the asthenosphere determined by the data on isostatic recovery flows. Inconsistencies arising from different definitions of the lithosphere are considered in detail by Anderson (1995) .
S TAT E M E N T O F S TA B I L I T Y P RO B L E M
Thermal convection divides the Earth's mantle into convective cells. The horizontal size of the cell reaches 10 000 km, and its vertical size, determined by the thickness of the mantle, is about 3000 km. The lithosphere is the cold mechanical boundary layer, which is formed by time-dependent mantle convection. In contrast to the underlying mantle, heat is transferred by conduction in the lithosphere. The upper and lower boundaries of lithosphere are assumed to be isothermal (the upper boundary is the Earth's surface and the lower boundary is a surface that separates the lithosphere from the underlying mantle). The temperature drop in the lithosphere is about 1300 K, and the maximal thickness of the lithosphere beneath continents is about 200 km. Consider the problem of instability of such a convective motion in the mantle at which the boundary layer (lithosphere) behaves as a stagnant lid. Intense convection in the mantle beneath the lithosphere creates large stresses exceeding the yield strength in the upper crust. Hence, the upper crust behaves as brittle (pseudo-plastic) layer and its effective viscosity does not differ strongly from the effective viscosity of underlying lithosphere. When the unperturbed (basic) convective flow with stagnant lithosphere becomes unstable, the lithosphere is divided into mobile plates, the horizontal size of which is equal to the width of the mantle convective cells. The convective cell, which includes the lithospheric plate, can be represented as a box with free-slip vertical boundaries (Christensen 1984) . The vertical boundaries between plates are located over narrow plumes (hot ascendant or cold descendant mantle convective flows) and the lithospheric plates are over the isothermal cores of mantle convective cells. If the upper crust was purely elastic, the lithosphere could not be divided into plates. Thus, pseudo-plasticity of the upper crust is necessary condition for instability of convective motion with stagnant lithosphere. However, this condition is not sufficient for instability. If the effective viscosity of lithosphere, underlying the pseudo-plastic upper crust, was much higher than the effective viscosity of the mantle underlying the lithosphere, the convective motion with stagnant lithosphere would be stable.
The linearized equations of convective stability of the lithospheric plate are written in the form
where x and z are horizontal and vertical coordinates, v i is velocity vector, θ and p are perturbations of temperature and pressure and σ i j is deviatoric stress tensor. We place the origin of Cartesian coordinates at the lower boundary of the lithosphere, consider only 2-D problem (motion in the plane xz), and ignore the dependence of the lithosphere viscosity on depth.
The set of equations, which includes the x-and z-components of the equation of motion (conservation of momentum) (33) and (34), the continuity (conservation of mass) eq. (35), the heat balance (conservation of energy) eq. (36) and the rheological eq. (37) for a Newtonian fluid, is written in dimensionless form-that is why the depth-averaged lithosphere viscosity η is not included in the rheological eq. (37). In eqs (33) and (34), the inertial terms are omitted that is valid at high viscosity of the medium: the Prandtl number is very large and the influence of inertia on convective flow can be neglected. Such a flow is called creeping, and convective flows in the Earth are a typical example of creeping flows. In addition, we use the Boussinesq approximation, which allows to neglect the mechanical compressibility of the medium and to take into account the thermal compressibility only in the equations of motion.
Rheology of the lithosphere and mantle is not Newtonian but the components of stress tensor are proportional to the corresponding components of strain rate tensor at non-Newtonian rheology as well. However, the coefficient of proportionality (effective viscosity) depends not only on temperature and pressure, as in the case of Newtonian fluid, but also on the second invariant of the stress tensor in the case of steady-state creep or on time in the case of transient creep. The maximal thickness d of the continental lithosphere is adopted as the length scale, the scale of temperature is the temperature difference T between the hot lower and cold upper surfaces of the litospheric plate. The timescale is d 2 /κ, where κ the thermal diffusivity, the velocity scale is κ/d, and the scale of deviatoric stress (and pressure) is κη/d 2 . Rayleigh number is defined as
where ρ is the density, α is the thermal expansion coefficient and g is the gravitational acceleration. The continental lithosphere is characterized by the values of physical parameters:
The upper boundary of the lithospheric plate is assumed to be free-slip, that is, the boundary conditions on the upper surface of plate are
The solution is sought in the form
where V z (z) is the amplitude of vertical velocity. The other physical variables in eqs (33)-(37) are represented in a similar way. Substituting (41) in eqs (33)- (35) and (37), we find
where the differential operator D = d/dz is introduced. Substituting (41) and (42) into eqs (33)- (36), we obtain the ordinary differential equations, replacing the original eqs (33)- (37),
In view of (41) and (42), the boundary condition (40) on the upper surface of the lithospheric plate takes the form
To obtain boundary conditions on the lower surface of the lithospheric plate, we simulate the underlying mantle as a layer (−h < z < 0) where, in contrast to the plate, large-scale mantle convection does not create a vertical temperature gradient (under the Boussinesq approximation, the adiabatic vertical temperature gradient in the mantle can be neglected). The dimensionless parameter h represents the ratio of the thickness of underlying mantle to the thickness of lithosphere and is estimated as h ≈ 15. Convective flow in the underlying mantle is described by the rheological model of powerlaw non-Newtonian fluid. At the power-law rheology, a flow with low strain rates, imposed on the basic flow with high strain rates, is described by the rheological model of Newtonian fluid whose viscosity is three times (if the exponent is equal to 3) lower than the effective viscosity which characterizes the basic (unperturbed) flow (Turcotte & Schubert 1982) . Therefore, the stability analysis of the basic convective flow, which uses the linearized equations valid only for small strain rates, can be done by applying the Newtonian rheological model to describe perturbations of the basic convective flow in the mantle beneath the lithosphere.
Exploring the critical mode of stability (the increment λ is equal to zero) of the basic convective flow in the isothermal core of mantle convective cell underlying the lithospheric plate, we use eqs (43) and (44) which for this core (− h < z < 0), where the vertical temperature gradient is absent, take the form
The general solution of eqs (46) and (47) can be written as
where B n (n = 1, . . ., 6) are arbitrary constants. The lower boundary of the mantle, which is the boundary between the mantle and the Earth's core, is regarded as free-slip. At such a boundary, the perturbations of vertical velocity, shear stress and temperature are equal to zero
Substituting (48) and (49) into the boundary conditions (50), we exclude three of six arbitrary constants. The remaining constants are expressed in terms of the velocity components and the temperature perturbation at the lithosphere-mantle boundary (z = 0).
In the critical mode, that is, when λ = 0, as it follows from eqs (43) and (44), the distribution of vertical velocity in the lithospheric plate is described by the equation
The boundary conditions on the upper surface of the lithospheric plate are
The general solution of eq. (51) can be represented as
and C n (n = 1 , . . , 6) are arbitrary constants. The depth distributions of horizontal velocity, stress and temperature are associated with the vertical velocity V z (z) by eqs (42) and (43).
At the boundary z = 0 between the lithospheric plate and the underlying mantle, six conditions, which follow from the continuity of vertical and horizontal velocity, normal and shear stress, temperature and heat flux, must be satisfied. Using these conditions for matching of the vertical velocity distributions in the lithospheric plate and the underlying mantle, we can write boundary conditions at the lower boundary of the lithospheric plate (z = 0) as
In the boundary condition (56), the Biot number is introduced. If the Biot number is small, the heat flux is fixed at the boundary. If this dimensionless parameter is large, the temperature is fixed at the boundary.
Since the temperature is assumed to be fixed at the perturbed lithosphere-mantle boundary, the temperature perturbation vanishes at this boundary. Therefore, the condition
where ξ is the displacement of the lithosphere-mantle boundary from the plane z = 0, must be added to the conditions (54)-(56). Since the displacement of the boundary ξ is assumed to be small and the dimensionless vertical temperature gradient in the lithospheric plate is equal to −1 at the unperturbed state, the temperature perturbation at the perturbed boundary can be written as
Substituting (59) into (58), we obtain ξ = (0)cos(kx).
Thus, the displacement of this boundary from the plane z = 0, caused by convective instability of the stagnant lithospheric plate, is proportional to the perturbation of the temperature on this plane. The displacement of upper boundary from the plane z = 1 is considered in Birger (1998) where influence of the thin elastic crust and erosion-sedimentation processes is taken into account.
The Rayleigh number, which characterizes the lithospheric plate, can be expressed as
where the number Ra 1 corresponds to the plate whose viscosity is equal to the viscosity of the underlying mantle. The effective viscosity of the mantle beneath the lithosphere is estimated as η mant ≈ 10 21 Pa s. This estimate of the viscosity and the evaluation (39) of the physical parameters of the lithosphere lead to the value Ra 1 ≈ 10 4 . As it follows from (61), the parameter b, included in the boundary conditions (54) and (55), can be written as b = Ra cr /Ra 1 .
The boundary value problem, given by eq. (51) with boundary conditions (52) and (54)- (56), is an eigenvalue problem. The eigenvalue is Ra cr (the critical Rayleigh number) and the eigenfunction is the depth distribution of vertical velocity V z (z). The wavenumber k is fixed in this boundary value problem. It is estimated as k = π d/l ≈ 0.2, where l ≈ 3000 km is the horizontal size of convective cell for mantle convection with stagnant lithosphere, and d ≈ 200 km is the thickness of the lithosphere adopted as the length scale. Knowing the eigenfunction V z (z), we can find the temperature perturbation (z) from eq. (43) and then the displacement of lithosphere-mantle boundary from eq. (60).
I N S TA B I L I T Y O F T H E S TA G N A N T L I T H O S P H E R E . N E W T O N I A N R H E O L O G Y
Substituting the general solution (53) of the differential eq. (51) into the boundary conditions (52), (54)- (56), we obtain a system of six homogeneous linear algebraic equations with six unknown constants. Equating the determinant of this system to zero, we obtain the transcendental characteristic equation for Ra cr . Numerical solution of this equation permits to find the critical Rayleigh number: Ra cr ≈ 30. This value is obtained for the wavenumber k = 0.2. Calculations show that the function Ra cr (k) has a very flat minimum at k = 0. All the values of wavenumber lying in the range 0 < k < 0.3 lead to the critical Rayleigh numbers approximately equal to 30. Therefore, the results are valid when the horizontal size of the mantle convective cell is 10 000 km (at this cell size, k = 0.06) as well. Since the critical Rayleigh number increases with k in the considered problem, small-scale instability (k 1) arises at higher Rayleigh numbers, that is, at lower viscosities, than large-scale instability.
If the Rayleigh number corresponding to the lithosphere exceeds the critical value, that is, for Ra > 30, the lithospheric plate becomes unstable. As it follows from (57) and (61), the lithospheric plate is unstable when η mant /η > 3 × 10 −3 . Thus, the stagnant lithosphere becomes mobile if its viscosity, average over depth, exceeds the underlying mantle viscosity not more than 300 times. Since the effective viscosity of the mantle is estimated as η mant ≈ 10 21 Pa s, this implies that the lithosphere is unstable if its viscosity is not higher than 3×10
23 Pa s. Numerical experiments, in which the dependence of viscosity on depth in the upper boundary layer is modelled as exp(az) where 0 < z < 1, show that convection with a mobile boundary layer arises when the drop of viscosity in the boundary layer η(1)/η(0) does not exceed 3000, that is, if a ≤ 8 (Solomatov 1995) . Therefore, the averaged viscosity of the boundary layer exceeds the underlying mantle viscosity not more than exp(8)/8 ≈ 370 times that fairly well corresponds to the estimate obtained above and shows that the replacement of the lithosphere with depth-dependent viscosity by the lithosphere model with a depth-averaged viscosity is not greatly alter the result. The depth distribution of velocity amplitudes, found in the numerical solution of boundary value problem (51)- (57), is shown in Fig. 2 . Velocities, the amplitudes of which are presented in this figure, are superimposed on the unperturbed convective velocities equal to zero in the lithospheric plate rather than in the underlying mantle. Calculations show that in the considered problem of stagnant lithosphere stability we may omit the right-hand sides of eqs (54) and (55), that is, neglect the force effect of the underlying mantle on the lithosphere, and put the Biot number to be equal to zero in eq. (56). Then the normal and tangential stresses and the perturbation of the heat flux are equal to zero at the bottom of the lithosphere. Fig. 2 shows that the amplitude of horizontal velocity weakly varies with depth in the lithospheric plate (a reverse convective flow occurs under it) and the amplitude of vertical velocity increases with depth almost linearly. In the central regions of the lithospheric plate, the vertical velocity given by eq. (41) and the strain rate are close to zero. The adopted length scale d = 200 km corresponds to the thickness of the lithosphere beneath continental cratons. In other regions of the continental and oceanic lithosphere, characteristic thickness is much smaller. When the thickness of the lithosphere d decreases, the wavenumber k = π d/l (l is the fixed horizontal size of mantle convective cell) and the Rayleigh number also decrease. When the Rayleigh number is below the critical value (Ra< Ra cr ), the stagnant lithosphere is stable. If the wavenumber is very small and the critical Rayleigh number is not too great, that is, under the conditions
boundary value problem that determines the distribution of velocity amplitudes is reduced to eq. (43), in which the Rayleigh number can be equated to zero,
and the boundary conditions
Taking into account eq. (42), the solution of this problem can be written as
where C is a dimensionless arbitrary (in the linear theory of stability) constant. Substituting the distribution of vertical velocity amplitude given by (31) into eq. (44), considering that the wavenumber is small, and using the thermal boundary conditions
we find
As it follows from (41), (42) and (64), the distributions of velocities in the lithospheric plate are
Since k 1, the vertical velocity in the lithospheric plate is significantly smaller than the horizontal, and strain rates are close to zero in the central region of the plate. This central region moves as a whole in horizontal direction.
A simple depth distribution of velocity amplitude in the lithospheric plate, given by the relations (64), well approximates the results of the numerical solutions found for Ra = Ra cr ≈ 30 and shown in Fig. 2 . Note that if the lower surface of the lithosphere satisfied the same free-slip boundary conditions (40) as its upper surface, the increment λ, corresponding to small value of k, would be a large negative number characterizing high stability (Gershuni & Zhukhovitsky 1972) .
Taking into account the strong dependence of viscosity on pressure that occurs at high values of activation volume (question of the real value of the activation volume for the mantle remains debatable), a lower viscosity in comparison with the viscosity of thickened cratonic roots must be attributed to normal continental lithosphere (Doin et al. 1997) . The viscosity of the oceanic lithosphere is lower than the continental due to the influence of wetness. If these differences in viscosities are sufficiently large to satisfy the condition d
3 /η (the index N refers to the lithosphere of normal thickness), the Rayleigh numbers for the normal and the thickened lithosphere have the same value. In this case, the lithospheric plate, including regions of normal and large thickness, becomes mobile due to convective instability. Besides, the velocity distribution, which is described by the approximate relations (68), remains valid as well in the regions of lithosphere with normal thickness d N but the vertical coordinate in eq. (68) 
Since the temperature at the lower boundary of the lithosphere is assumed fixed, the vertical heat flux going through the lithosphere is lowered in those regions where the lithosphere is thickened (subcratonic roots). This is possible only when the reduced heat flux enters the thickened lithosphere from the underlying mantle. As shown in Doin et al. (1997) , a decrease in heat flux occurs at sufficiently strong dependence of viscosity on pressure. Indeed, considering the dependence of viscosity on pressure leads to higher values of viscosity in the upper mantle underlying the thickened lithosphere. At higher viscosity, less intensive 'secondary' small-scale convection takes place in the layer under the thickened lithosphere and, therefore, the heat flux coming from the mantle into the lithospheric plate decreases.
I N S TA B I L I T Y O F T H E S TA G N A N T L I T H O S P H E R E : A N D R A D E R H E O L O G Y
Numerical experiments, in which mantle convection is investigated within the framework of rheological model of the power-law liquid with the strong dependence of rheological parameter on temperature, lead to stagnant upper boundary layer simulating the lithosphere (Solomatov 1995) . The effective viscosity of the lithosphere with power-law rheology is very high because strain rates in the lithosphere are small. Stagnant lithosphere, which has a very large effective viscosity, is stable. More precisely, only very large initial perturbations of temperature in the lithosphere, accompanied by high strain rates, can cause instability of the lithosphere with power-law rheology (Birger 2011) . However, at high strain rates, the thickness of mobile boundary layer is significantly smaller than the lithosphere thickness, which corresponds to plate tectonics.
At small deformations typical for the lithosphere, its rheology is described by the Andrade model rather than by the power-law fluid model. As it follows from eq. (9) at m = 1/3, the Andrade model leads to the complex effective viscosity, which depends on the dimensionless complex increment λ,
A is the Andrade rheological parameter having the dimension of Pa s 1/3 , and η A has the viscosity dimension Pa s. As it follows from eqs (43) and (44), stability analysis of the lithosphere with Andrade rheology reduces to solving of the ordinary differential equation
where L is the differential operator
and the Rayleigh number is defined as
The eq. (71) replaces the equation
which follows from eqs (43) and (44) in the case of Newtonian rheology. Substitute the real function V z (z), which is found for the critical mode of instability of the lithosphere with Newtonian rheology and shown in Fig. 2, into eq. (71) . This function V z (z) is the solution of eq. (73) at λ = 0 and does not satisfy eq. (71) for any value of z. Therefore, we seek the increment λ for the lithosphere with Andrade rheology using the equation, which minimizes the discrepancy,
The eq. (74) leads to the algebraic relation
where c 1 ≈ 12, c 2 ≈ 30. Eq. (74) corresponds to Galerkin method in which we use only the first basis function. At λ = 0, eq. (73), which is valid for Newtonian rheology, has an infinite set of eigenvalues Ra (n) cr (k) (n = 1, 2, 3, . . .) and the corresponding eigenfunctions V (n) z (z) satisfying the boundary conditions. The first (smallest) eigenvalue Ra (1) cr (k) determines the threshold of convective instability. This eigenvalue is denoted above as Ra cr . The Galerkin method involves the expansion of desired eigenfunction into a series of basis functions, which satisfy the boundary conditions. The expansion coefficients are determined from the integral conditions expressing the orthogonality of the residuals to each of the basis functions. At successful choice of basis, sufficiently accurate results can be obtained even when using a small number of basis functions (Gershuni & Zhukhovitsky 1972) . Our choice of the basis is very successful: L 6 V z (z) = −30k 2 V z (z) for any z in eq. (71) and the ratio of the functions L 4 V z (z)/V z (z) does not vary by more than 10 per cent when changing z from 0 to 1. Therefore, instead of using eq. (74), we can divide the lefthand side of eq. (71) by the function V z (z) and replace the ratios
by constants independent of z. In such a way, we just arrive at eq. (75) as well.
The algebraic eq. (75) has three roots, one of which is negative for any Rayleigh number and does not lead to instability. Two other roots are complex conjugate and have positive real part when Ra A > Ra A,cr . Thus, the instability arising in the case of Andrade rheology has an oscillatory character. In the critical mode, Ra A = Ra A,cr and λ = iω, where the dimensionless frequency ω is a real number. The solution of eq. (75) is: ω = 4.4, Ra A,cr = 23. Therefore, as it follows from eqs (70) and (72) (Birger 2004) . Such an evaluation of the rheological parameter leads to Ra A ≈ 80 and, consequently, the stagnant lithosphere is unstable. As it follows from the solution of eq. (75) at Ra A ≈ 80, the increment is evaluated as λ ≈ 300, and the effective viscosity (69) takes the real value: η(λ) = 2.5 × 10 21 Pa s. The stability analysis is carried out for the thickened lithosphere (subcratonic roots). Substituting eq. (70) into (72), it is easy to see that the number Ra A depends on the thickness of the lithosphere as d 5/3 . Consequently, the normal lithosphere, whose thickness is approximately two times less than the subcratonic lithosphere, is characterized by the number Ra A ≈ 25. With such a low value of the Rayleigh number, the normal lithosphere is in the mode of stability critical threshold (Ra A ≈ Ra A,cr ). However, the Andrade rheological parameter in the normal lithosphere is smaller than in the thickened lithosphere due to the influence of higher wetness and lower pressure. Then the number Ra A for the normal lithosphere may significantly exceed the critical value that characterizes the strong convective instability.
One of the simplifying assumptions used in this study of the lithosphere stability is the neglect of the effective viscosity dependence on temperature and, hence, the depth. It is considered the lithosphere that has the effective viscosity averaged over depth. In the lithosphere under the upper crust, the Andrade rheological parameter decreases with depth from 10 13 Pa s 1/3 to 10 11 Pa s 1/3 and the effective viscosity varies by two orders of magnitude. Accounting for this depth dependence strongly modifies the velocity distribution obtained within the framework of the lithosphere model with a depth-averaged effective viscosity but not so much (no more than two times) changes the critical value of the Rayleigh number which determines the stability threshold (Birger 2004) .
In the upper crust where temperatures are much lower than in deeper layers of the lithosphere, the rheological parameter Andrade is very large. Therefore, the effective viscosity of upper crust is determined by brittleness (pseudo-plasticity), which greatly reduces the effective viscosity of this layer. In the deeper layers of the lithosphere, pseudo-plasticity does not occur since the yield strength (stress at which material demonstrates pseudo-plasticity) is proportional to the pressure and, hence, increases with depth. In the continental crust, the yield strength is significantly higher than in the wet oceanic crust. This is one of the main reasons that determines the stability of subcratonic roots and prevents subduction of continental lithosphere (Lenardic & Moresi 1999; Lenardic et al. 2003) . Lithospheric plate, which includes regions of oceanic and continental lithosphere, can sink into the mantle only when the oceanic lithosphere is in a subduction zone. Since the thickness of the light continental crust is much greater than the thickness of oceanic crust, the average density of the continental lithosphere is lower than the oceanic. Therefore, the continental lithosphere, which, besides, is more viscous than the oceanic lithosphere, cannot sink into the mantle. Thus, when the continent reaches the edge of the lithospheric plates, subduction stops.
S M A L L -S C A L E I N S TA B I L I T Y O F T H E M O B I L E L I T H O S P H E R E
As shown in the previous section, the state, at which convective flow forms the stagnant upper boundary layer (lithosphere), is strongly unstable and, therefore, cannot be considered as a basic state. Even if this state could exist at some moment, it must bifurcate into another more stable state at which the mantle convective flow divides the lithosphere into mobile plates. During such a transition of the lithosphere and underlying mantle from the state, in which the lithosphere is stagnant, to the state, in which the lithospheric plates are mobile, velocities in the underlying mantle change strongly and strains in the lithosphere tend to zero. Only initial stage of this transition is described by the linear stability analysis carried out in the previous sections. As it follows from eq. (68), strain rates are close to zero in the central region of the plate. One can assume that this region widens at the next stage of transition. For full describing of the transition, it is necessary to solve numerically the non-linear equations of mantle convection with given initial conditions corresponding to the state in which the lithosphere is stagnant. Instead of this, consider the stability of the basic state in which the lithospheric plates are mobile. At convective motion with mobile lithospheric plates, large strain rates and significant stresses occur only at the edges of plates located above the vertical mantle convective flows, that is, at the boundaries between lithospheric plates. In the lithospheric plates, strain rates and stresses are suggested to be zero in the basic state with mobile plates and only small strains and stresses are considered in the linear stability analysis of this state. Therefore, the upper cold crust of plates, where the Andrade rheological parameter and the effective viscosity are very large, behaves as a thin elastic layer and does not exhibit pseudo-plasticity. More precisely, the thin elastic sublayer is located under an uppermost thin brittle sublayer of the crust.
So consider stability of the basic state at which the lithospheric plate moves as a whole. When the y-axis is directed along the velocity of mobile lithospheric plate, 2-D instability of convective motion is described by the differential eq. (51) having the general solution (53) but the upper surface of the lithosphere, on which the thin elastic upper crust is located, must be regarded as a no-slip boundary rather than a free-slip boundary (Birger 1998) . Therefore, the boundary conditions (52) at z = 1 is replaced by the boundary conditions whereas the boundary conditions (54)- (56) on the lower surface of the lithosphere retain their form.
In the stability problem of mobile lithosphere, the wavenumber k is not fixed in advance but is found from the solution as such a wavenumber k = k m at which the function Ra cr (k) reaches its minimum value Ra m . The numerical solution of the problem gives the values: k m ≈ 1.4, Ra m ≈ 160. As it follows from eqs (61) and (57), the viscosity 6 × 10 22 Pa s corresponds to this value of Rayleigh number. The numerically found depth distributions of velocity amplitudes, determined up to an arbitrary factor, are shown in Fig. 3 . Thus, small-scale instability of mobile lithosphere arises whereas large-scale instability occurs in the problem of stagnant lithosphere. Note that the width of the lithospheric convective cell is much smaller than the thickness of the entire mantle (hk 1) in the case of small-scale instability and the coefficients in eqs (54)-(56) can be written in a simpler form
The wavenumber k m ≈ 1.4 corresponds to the width of the convective cells of 400 km, and the found estimate Ra m ≈ 160 implies that small-scale instability of the lithosphere occurs when the effective viscosity of the lithosphere exceeds the effective viscosity of the underlying mantle not more than 60 times.
In the case of the lithosphere having the Andrade rheology, the problem of small-scale instability of the mobile lithosphere can be solved by the same method as the problem of large-scale instability of stagnant lithosphere. Substituting the function V z (z), obtained for Newtonian rheology of the lithosphere and presented in Fig. 3 , in eq. Thus, the subcratonic roots are in the mode of stability critical threshold at which Ra A ≈ Ra A,m and only convective oscillations with the period 2π/ω m are not attenuated. If the Rayleigh number for normal lithosphere lies in the range of 25 < Ra A < 70, smallscale instability does not arise here. Thus, the vertical temperature gradient in the lithosphere is sufficiently high and the effective viscosity corresponding to transient creep in the lithosphere is small enough to cause small-scale convective instability in those regions of the continental lithosphere where its thickness is large. The most thickened regions of continental lithosphere are located under the cratons where its thickness is about 200 km. Since the effective viscosity corresponding to the transient creep depends on the frequency and tends to infinity when the frequency tends to zero, the lithosphere under the cratons has an oscillatory instability. Low-amplitude thermoconvective oscillations of the lithosphere beneath cratons cause oscillations of cratons surface. Taking into account the significant difference between the rates of sedimentation and erosion, the thermoconvective oscillations of the lithosphere can be considered as a mechanism for the formation and evolution of sedimentary basins located on the continental cratons (Birger 1998 (Birger , 2004 .
So the analysis of large-and small-scale stability of the lithosphere, carried out at the fixed viscosity η mant = 10 21 Pa s of the mantle underlying the lithosphere, leads to three possible variants: (1) If the effective viscosity η of the lithosphere exceeds 3 × 10 23 Pa s, the lithosphere is stagnant, and the subcratonic roots are stable. (2) If η < 6 × 10 22 Pa s, the lithosphere is mobile, and the roots are unstable. (3) If the effective viscosity of the lithosphere is in the range 6 × 10 22 Pa s < η < 3 × 10 23 Pa s, the lithosphere is mobile but the roots are stable. Lenardic & Moresi (1999) note that the strong dependence of viscosity on temperature provides the stability of subcratonic roots but it does so at the expense of stagnating of the entire lithosphere, that is, at the expense of sacrificing plate tectonics. This statement is true when the lithosphere and the entire mantle are described by the rheological model of power-law fluid. In this case, the viscosity of the lithosphere is very large, and the first variant is realized. The use of Andrade rheological model, describing transient creep of the lithosphere, rather leads to the second or third variant. With such a rheology, if A > 3.5 × 10 12 Pa s 1/3 , the lithosphere is stagnant; if 10 12 Pa s 1/3 < A < 3.5 × 10 12 Pa s 1/3 , the lithosphere is mobile, and the subcratonic roots are stable; if A < 10 12 Pa s 1/3 , the lithosphere is mobile, and the roots are unstable. Since the Andrade parameter is estimated as A ≈ 10 12 Pa s 1/3 by laboratory tests and postglacial data, the subcratonic roots are in the mode of stability critical threshold. Therefore, small-scale instability does not destroy the thickening of mobile lithosphere but leads to small-amplitude oscillations of the subcratonic roots.
0 C O N C L U S I O N S
Laboratory experiments with rock samples at high temperatures show that transient creep, described by the Andrade rheological model, occurs while creep strains are sufficiently small. Since plate tectonics allows only small deformations in lithospheric plates, creep of the lithosphere plates is transient whereas steady-state creep, described by the power-law rheological model, takes place in the underlying mantle. If we assume that the creep of mantle is described by the Newtonian rheological model, the viscosity found in the study of postglacial flows can be used in the simulation of thermal convection. If the creep of mantle is characterized by the non-Newtonian power-law rheological model, similar situation arises. Within this rheology, the effective viscosity corresponding to postglacial flows is only three times lower than the effective viscosity corresponding to convective flow. At the transient creep, the effective viscosity, found in the study of postglacial flows or other isostatic recovery flows, differs significantly from the effective viscosity corresponding to convective flow since timescales of these flows are very different. Besides, the transient creep changes the thickness of elastic-brittle crust obtained within the power-law rheology of lithosphere.
If the state in which convective flow in the mantle occurs under the stagnant lithosphere is unstable, the mantle convection splits the lithosphere into mobile plates, which move along horizontal direction and plunge into the mantle at subduction zones. Brittleness (pseudo-plasticity) of the upper crust is a necessary condition for instability of convective motion with stagnant lithosphere. However, this condition is not sufficient for instability. If the effective viscosity of lithosphere, underlying the brittle upper crust, was much higher than the effective viscosity of the mantle underlying the lithosphere, the convective motion with stagnant lithospheric plates would be stable. The power-law fluid model with strong temperature-dependence leads to stability of the stagnant lithosphere (the effective viscosity of lithosphere is very high in this case). Under assumption that the entire lithosphere, except for the brittle upper crust, has a power-law fluid rheology, which do not depends (or weakly depends) on temperature, the effective viscosity of the lithosphere would be small enough for instability only at high strain rates. However, high strain rates cause large strains in the lithosphere that contradicts plate tectonics. The transient creep of the lithosphere leads to large-scale instability of the stagnant lithosphere, causing only small strains in it, and, thus, removes the discrepancy between thermal convection in the mantle and plate tectonics that holds in the case of the power-law rheological model of the lithosphere.
Since the state, in which convective flow in the mantle occurs under the stagnant lithosphere, is unstable, it must bifurcate into another more stable state at which the lithospheric plates become mobile. Stability analysis, at which the Andrade rheology is applied, shows that the state, in which the lithospheric plate moves as a whole with constant velocity, is stable but small-amplitude oscillations is imposed on this motion in regions of thickened lithosphere beneath continental cratons (subcratonic roots). These oscillations cause small strains and do not destroy the thickening of the lithosphere beneath cratons. Thus, the transient creep of the lithosphere explains longevity of subcratonic lithosphere. Within the temperature-dependent power-law rheological model, the subcratonic roots, which have a very high effective viscosity, are stable but the entire lithosphere is stagnant that contradicts plate tectonics.
The problems of convective stability are solved within the Andrade rheological model for the state with stagnant lithosphere and for the state with mobile lithospheric plates. The linear stability analysis, in which the dependence of the velocity on time and horizontal coordinate is given in the form exp( t) coskx, permits to find the complex increment , the wavenumber k, and the depth distributions of velocity and other physical variables. If the real part of is positive, the basic state under consideration is unstable. If the real part of increment is negative, this state is stable. The Andrade model leads to the complex effective viscosity, which depends on the increment. In contrast to the Newtonian and the non-Newtonian power-law rheology, the Andrade effective viscosity is not known a priori but determined in the stability analysis. This analysis of the basic state, in which the lithosphere is stagnant, gives the real positive increment (instability) and the effective viscosity, which is also real and lower than in the case of power-law rheology. The stability analysis of the basic state, in which the mobile lithospheric plate is thickened beneath continental craton, gives the imaginary increment (oscillatory instability) and the complex effective viscosity, the modulus of which is lower than the effective viscosity corresponding to the power-law rheology. In this study, it is considered the lithosphere which has the Andrade rheological parameter averaged over depth. This simplifying assumption allows to find analytical solutions of differential equations and to reduce the stability problems to numerical solutions of algebraic equations.
The principal effect of transient creep is lowering of the effective viscosity corresponding to steady-state creep of the lithosphere. Further investigation of the effect of transient creep on mantle convection will need to solve numerically the non-linear differential equations of mantle convection using the non-linear rheological model describing high-temperature dislocation creep (this model is represented in the third section of this paper) and taking into account the depth-dependence of rheological parameter of this model.
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